Abstract-The modern concepts of the rheology of viscous mantle and brittle lithosphere, as well as the results of the numerical experiments on the processes in a heated layer with a viscosity dependent on pressure, temperature, and shear stress, are reviewed. These dependences are inferred from the laboratory studies of olivine and measurements of postglacial rebound (glacial isostatic adjustment) and geoid anomalies. The numerical solution of classical conservation equations for mass, heat, and momentum shows that thermal convection with a highly viscous rigid lithosphere develops in the layer with the parameters of the mantle with the considered rheology under a temperature difference of 3500 K, without any special additional conditions due to the self organization of the material. If the viscosity parameters of the lithosphere correspond to dry olivine, the lithosphere remains monolithic (unbroken). At a lower strength (probably due to the effects of water), the lithosphere splits into a set of separate rigid plates divided by the ridges and subduction zones. The plates submerge into the mantle, and their material is involved in the convective circulation. The results of the numerical experiment may serve as direct empirical evidence to validate the basic concepts of the theory of plate tectonics; these experiments also reveal some new features of the mantle convection. The probable structure of the flows in the upper and lower mantle (including the asthenosphere), which shows the primary role of the lithospheric plates, is demonstrated for the first time.
INTRODUCTION
More than fifty years have passed since the mantle convection and plate tectonics were discovered. The ideas of plate tectonics underlie the interpretation of the increasingly more detailed observations of the processes occurring in the mantle. However, a quantitative dynamical theory of tectonics of the oceanic lithos pheric plates is still not fully developed, remaining an unsolved basic problem of the utmost importance in Earth science.
Just as any other theory, the dynamical plate theory should not only provide an interpretation of the in situ measurements but it should also be comprehensively verified by the laboratory studies or numerical experi ments and, most important, it should self consistently quantify the emergence and evolution of the set of the lithospheric plates. Here, instead of being a priori spec ified by the initial or boundary conditions, all the prop erties of the plates (their number, sizes, and evolution) should be derived as a solution of the main differential equations that describe the conservation laws for mass, energy, and momentum.
The numerical modeling studies of the splitting of a highly viscous lithosphere into separate rigid plates and their subduction have been conducted for more than two decades. With rare exceptions, most of the existing works only consider a short scale evolution of the con vection within a local domain of the mantle, with one or two plates with a priori specified parameters, sizes, location, initial velocities, etc.
The numerical models that demonstrate the lithos phere splitting into several plates under the convection in a local domain of the upper mantle with plastic rhe ology taken into account are described in (Bercovici, 1993; Tackely, 1998; Moresi and Soloma tov, 1998; Trompert and Hansen, 1998; Schubert et al., 2001; McNamara et al., 2001; Richards et al., 2001; Kneller et al., 2005; O'Neill et al., 2007;  Kaus and Becker, 2008; Andrews and Billen, 2009 ). Most of these works only consider the upper mantle with the effective constraints on its lower boundary.
Our paper also addresses the results of the numerical experiments. However, in contrast to the other investi gations, we consider the models of the convection that involves the entire mantle and implies the formation of a variety of plates and their subsidence to the mantle. The numerical experiments presented in our work pro vide an insight into the character of the flows, the mass exchange between the upper and the lower mantle, and interaction between the lithospheric plates with the asthenospheric flows.
The basics of the theory of lithospheric plates have proven possible to develop due to the new understand ing of the rheological properties of the material under the mantle conditions. Sir Harold Jeffreys, the world's greatest geophysicist of the first half of the 20th century,
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Schmidt Institute of Physics of the Earth, Russian Academy of Sciences, ul. Bol'shaya Gruzinskaya 10, Moscow, 123995 Russia e mail: trub@ifz.ru had never accepted the idea of the convection in the mantle, believing it to be solid due to the fact that the transverse waves freely pass throughout it. However, it has been found even in the 1960s that on a microscale, any material is simultaneously involved in different deformation processes. Slow deformations cannot grow significantly during a comparatively short time. There fore, when exposed to the stresses for less than a thou sand of years, the mantle material behaves as a solid, while, if this forcing lasts for millions of years, viscous deformations become substantially larger than the elas tic deformations. It was recently found that under slow deformation processes, not only the hot mantle but also the cold oceanic lithosphere (except for its uppermost 20 km layer) may change irreversibly without macro failure. Due to this fact, rigid lithospheric plates can bend by large angles without rupture.
2. MECHANISMS OF VISCOSITY For the numerical modeling of deformations and convective flows in the mantle, it is required that the effective viscosity is known and specified as an analyti cal function that depends on the parameters of the mantle and flow itself, taking into account the nonlin ear effects.
The deformations that develop under the processes occurring at customary rates are typically categorized into three types: reversible elastic deformations, irre versible plastic deformations without failure, and irre versible brittle deformations with failure. However, very slow processes with uniform compression result in the formation of a rather large transitional cataclastic zone in which even the bodies deemed brittle can be deformed plastically, i.e. irreversibly without macrofail ure. It is in this way the cold rigid lithospheric plates are deformed without failure (except for the brittle upper layer) in the subduction zones.
Since any irreversible deformations without macro failure are plastic by definition, the cataclastic deforma tions with frictional sliding and macrofailure under slow deformation may also be classified as plastic deforma tions.
Thus, the plastic deformations can be distinguished into two types: plastic ductile deformations (yielding or viscous plasticity without a loss of internal cohesion), occurring under high temperature and low shear stress, and plastic failure deformations (the plasticity with frictional gliding on the existing microfractures with microfailure, i.e., with a loss of the internal cohesion), which occurs at a low temperature and high stress.
The material of the Earth's mantle has a property of reversible elasticity, which only appears under a small and rather rapidly changing load. When loaded during a long time, a large region of the mantle behaves plasti cally. Below 50 km, plasticity manifests itself as the dif fusion and dislocation creep without a yield threshold. The Peierls plasticity prevails in the depth interval from 40 to 50 km, while the depths from 20 to 40 km are dominated by cataclastic deformations, which are intermediate between brittle failure and viscous (duc tile) plasticity. Only a thin (20 km in thickness) top layer of the oceanic lithosphere is brittle even under long term loading (Turcotte and Schubert, 1982; Karato, 2008) .
In the case of plasticity and even brittle failure (not withstanding nonlinear stress strain rate relationship), we can introduce the notion of effective viscosity. The viscosity η is determined as the coefficient of propor tionality in the relationship that links the components of the deviatoric stress tensor τ ik and the strain rate ten sor ε ik :
where u i is the flow velocity vector,
where Р is total pressure and Т is temperature. A similar formula can be also written out for the sec ond invariants of the stress tensor τ and the strain rate ε:
where
In contrast to geophysics, in fluid dynamics, the strain rate tensor is also often determined by the relation like (1) but without the coefficient 0.5. Correspond ingly, the coefficient 2 in expressions (2) and (3) in this case is omitted (Ranalli, 1995) .
Linear Diffusion Viscosity and Power Law Dislocation Viscosity
under Plastic Ductile Deformation Any crystalline material contains point defects and linear defects that may migrate under the action of the applied shear stress. Therefore, when loaded for a long time, the material may deform and flow like a viscous liquid (Turcotte and Schubert, 1982; Schubert et al., 2001) , even without yielding threshold.
Typically, the experimental data for shear deforma tions under the displacement of both the point defects and linear dislocations are analytically described by a common formula for the second invariants of τ and ε (Schubert et al., 2001; Korenaga and Karato, 2008) :
where d is the grain size and H = E + PV is enthalpy. Е is the activation energy and V is the activation vol ume; these parameters characterize the properties of the material. Р is total pressure and Т is absolute tem perature. С w is the water content, which is determined as the weight percentage or a relative number of hydro gen atoms to silica in ppt; R is the gas constant; m, n, and r are the power exponents determined empirically, and А is the numerical coefficient.
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As was mentioned, Eq. (5) includes the invariants of the stress tensor and the strain rates. If the experiments are conducted under uniaxial loading, the relation for the components of these tensors differs from (5) by the additional coefficient 2 × 3 -(1 + n)/2 (Ranalli, 1995) .
The values of the parameters contained in (5) differ for the diffusion and dislocation creep, as well as for wet and dry rocks. For the diffusion creep, n = 0, while the grain size is significant: m > 0. On the contrary, for the dislocation creep, n > 0, while the grain size does not matter and can be set m = 0. The rocks are assumed to be wet if the water content C w > 100 ppm, or С w > 7 × 10 -4 %; the rocks are assumed to be dry if C w < 10 ppm, or C w < 0.0001%. In Eq. (5) for dry rocks, C w is often conventionally set to unity.
The parameters for the Earth's mantle, which are contained in (5), are to date known rather uncertainly (Schubert et al., 2001; Hirth and Kohlstedt, 2003; Kneller et al., 2005; Korenaga and Karato, 2008; Karato, 2008; . The grain size d is estimated to range within 1-10 mm; the water content C w = 1-2000 ppm; the power exponent n for the dislocation creep is n = 2.5-5; the energy and volume of activation for the diffusion creep are Е = 250-400 kJ/mol and V = 2-10 cm/mol, respectively, and for the dislocation creep, E = 450-600 kJ/mol and V = 4-25 cm/mol; and the shear stress τ in the mantle is of the order of 0.1-1 MPa. Korenaga and Karato (2008) have analyzed the lab oratory data on the rheological parameters of olivine, a typical mantle constituent that makes up 60% of the volume of the mantle. Tables 1 and 2 present the opti mum parameters for the diffusion and dislocation creep obtained in the quoted work by the statistical processing of the experimental data for olivine in comparison to the previous results. The activation energy is given in kJ/mol units; the activation volume, V is given in cm/mol; the coefficients А 1 and А 2 are presented in
; and the coefficients А 3 and А 4 are presented in (MPa) -n s -1
.
Under the convection in the mantle, the shear stress are of the order of 0.1-1 MPa, and the average velocity of the mantle flows, U, is about 5 cm per year ≈1.6 nm/s. Dividing this velocity by the thickness of the mantle D = 3 × 10 6 m, we obtain the strain rate in the
. The laboratory experiments at this strain rate would have taken about a million years. Therefore, the measure Table 1 . The parameters of the diffusion linear creep for anhydrous (indexed 1) and wet (indexed 2) olivine according to the experimental data (Karato and Wu, 1993 ) (Hirth and Kohlstedt, 2003) (Korenaga and Karato, 2008) ments are conducted on olivine samples with micron scale grains rather than with centimeter scale grains; and the shear stress in these experiments is 100 MPa instead of 0.1-1 MPa. With these parameters, the strain rate increases up to 10 -5 s -1 , which is measurable in lab oratory conditions. However, applying the values mea sured in the laboratory experiments to slower convective processes in the mantle requires extrapolation. More over, the results of the laboratory measurements have to be extrapolated to higher temperature and pressure. The Т-τ diagram in Fig. 1 (adopted from (Burov, 2007) ) outlines the area accessible for laboratory testing of olivine and shows the extrapolation of these parame ters to the characteristic values for the viscous plastic power law and exponential strains (see Section 2.2 below) and rapid seismic processes in the mantle. The viscosity values at a shear stress of 100 MPa, which are expected with the assumed values of the parameters, are indicated. The bend on the curves at a temperature of 1300°С under a shear stress of a few hundreds of mPa corresponds to the transition from the nonlinear power law (dislocation) creep to the nonlinear exponential (Peierls) creep and, further, to frictional sliding.
Relationship (5) between the strain rate and the shear stress (which is used for interpolating the experi mental data) can be transformed to introduce the effec tive viscosity. For this, the term τ n is factorized into τ n = τ n-1 and τ and the formula (5) is recast in the follow ing way:
By comparing (6) and (3), we obtain the following expression for the effective viscosity:
(7) Here, the nonlinear dependence of the strain rate on stress is contained in the viscosity as a function of the stress tensor invariant.
Assuming that (according to some partial experi mental data (Ranalli, 1995) ) expressions such as (6) and (7) in the isotropic medium are not only valid for the invariants but also for all components of the strain rate tensor and deviatoric stress tensor, we obtain the com mon tensor rheological relationship for the diffusion and dislocation creep:
with the effective viscosity in form (7) as a function of temperature, pressure, and deviatoric stress invariant.
If we determine ε from Eq. (5) for the invariants and substitute it in Eq. (7), we obtain the viscosity as a func tion of temperature, pressure, and the strain rate invariant for the diffusion ε df and dislocation ε ds creep:
Since the point defects and the linear defects in the material migrate simultaneously, the total strain rate is the sum of the diffusion (linear Newtonian) and dislo cation (power law) viscous flow (5): ε = ε df + ε ds . There fore, taking into account the definitions (2), (3), the total effective creep viscosity is η = η df η ds /(η df + η ds ).
From Eq. (11) it follows that the total deformation is mostly contributed by the less viscous deformation. At a high temperature and low shear stress (in the lower mantle and in the lower part of the upper mantle down to a depth of 200-300 km), the deformation is con trolled by the diffusion creep. At a lower temperature and higher stress, the dislocation creep prevails.
Exponential Viscosity under Plastic Ductile Deformation
At an even lower temperature (for a depth below 50-80 km and temperature below 800°С), the creep viscos ity sharply increases due to its exponential dependence (Goetze and Evans, 1979; Burov, 2007) . The esti mates of the viscosity are given for the stress τ = 100 MPa.
on temperature, and the considered viscous flows are very slow. However, the Peierls mechanism, which takes into account the fact that large shear stress reduces the barrier for migration of dislocations, comes into play at a rather high shear stress (of the order of hundreds of MPa). As a result, the dependence of the strain rate invariant on the stress invariant becomes even more nonlinear (due to the dependence of the activation energy on the stress invariant Е = Е(τ): it follows the exponential law rather than the power law ε p ~ τ k . Karato (2008) and Mei et al. (2010) approximate the empirical data by the following formula:
where τ р is the Peierls critical stress (as this value is approached, the effect of the barrier reduction appears); Е р = Е(0) in the energy of activation in the Peierls mechanism, while exponents р and q charac terize how the barrier decreases as the shear stress increases. The critical stress τ p may be pressure depen dent:
The strain rate ε р in formula (12) is assumed to be zero at a shear stress τ < 200 MPa and at a depth below 50 km in the oceanic lithosphere. Such strains, which strongly nonlinearly depend on stress, are a generaliza tion of the dislocation creep and are commonly referred to as a low temperature ductile plastic flow or the Peierls exponential creep (Peierls creep law with expo nential stress dependence). They occur in the lower part of the lithosphere.
Evans and Goetze (1979) approximated the mea sured data on olivine by a simpler formula with k = 0, р = 2, and q = 1:
where E р = 536 kJ/mol, the activation volume V p = 0, the critical Peierls stress τ р = 8.5 GPa, and the coeffi cient A p1 = 5.7 × 10 11 s -1 . Mei et al. (2010) measured the deformation of anhy drous polycrystalline olivine in the interval of pressure Р = 4-9 GPa and temperature T = 673-1273 K. The
results of these measurements are fitted by formula (13) with k = 2, p = 1/2, and q = 1:
where the activation energy is E р = 320 kJ/mol, the activation volume is V р = 0, the critical Peierls stress τ р = 5.9 GPa, and the coefficient А p2 = 1.4 × 10 -7 MPa -2 s -1 . These and other data are compiled in Table 3 . Using formula (12), one can calculate the shear stress τ that is necessary for maintaining the given strain rate ε p under the exponential Peierls creep.
The parameters contained in (14) are estimated in the experiments with high strain rates about ε p ~ 3 × 10 -5 s -1 . Figure 2 displays the stresses τ calculated by (14) and their probable uncertainty (outlined by the dashed lines) for a wide range of strain rates up to low τ р × 10 -14 s -1 (corresponding to the slow mantle flows) for a mantle temperature of 873 K (the depth about 40 km) (Mei et al., 2010) . As seen in Fig. 2 , under lower strain rates corresponding to the lithosphere composed ), the shear stress is lower; however, it may still attain τ р = 600 MPa.
Similar to expression (8) for the diffusion and dislo cation creep, the rheological relationship (12) for the plastic Peierls flow can also be recast in the tensor form:
Hence, taking into account (2), we obtain the rela tionship for effective viscosity under low temperature plasticity as a function of temperature, pressure, and shear stress:
( 16) for example, for the model (Evans and Goetze, 1979) and model (Mei et al., 2010) , the viscosity is, respec tively,
Sometimes, the experimental stress-strain rate dependences for the plastic ductile Peierls flow are, for simplicity, approximated by the power law with a large power exponent n (van Hunen et al., 2004; Kneller et al., 2005) instead of the exponential law:
( 1 8 ) The effective viscosity for the Peierls deformation with the power law approximation (18) can be found similar to (6) and (7) by substituting τ n in the factored form
By comparing (19) with (2), we find the formula that describes the effective viscosity under the power law viscous plastic Peierls deformation as a function of the stress tensor invariant:
By determining τ from (18) and substituting it into (20), we obtain the effective Peierls viscosity as a func tion of the strain rate tensor invariant:
In formulas (18)- (21) for olivine in (Kneller et al., 2005) , the power exponent is n = 5 and the yield stress and strain rate are τ у = 100 MPa and ε y = 10 -14 s -1 , respectively. The values used by different authors for the parameters of the power law Peierls deformation are presented in Table 4 .
The Effective Viscosity under Plastic Brittle Deformation
The deformations in the oceanic crust and adjacent upper part of the oceanic lithosphere (below 300°С and above 20-30 km, which are the typical parameters of the foci of the oceanic intraplate earthquakes) are gov erned by gliding on the existing micro scale fractures (brittle plastic deformations) and by the brittle failure (failure plastic deformations) rather than by the viscous plastic flow. We note that the geological bodies in the rapid seismic processes and in the slow tectonic pro cesses behave in a different way. This relates, in particu lar, to the depth interval from 20 to 30 km, where the medium behaves as brittle material with macroscale failures if considered in the context of seismic events, while it is plastic with only microscale failures as far as the tectonic processes are concerned.
The experimental data on these deformations caused by frictional gliding on the existing microfrac tures and by brittle microfailures can also be approxi mately described in terms of an effective plastic flow with a stress-strain rate dependence which is even more nonlinear and has a very large power law exponent n* tending to infinity (Hirth and Kohlstedt, 2003; Karato, 2008) :
With a finite exponent n* in the power law function, the relationship for the brittle plastic deformations (22) coincides with the relationship for the viscous plastic Peierls deformations represented as a power law func tion (21). Therefore, the expression for the effective vis cosity under plastic brittle deformation can simply be derived by replacing n by n* in Eqs. (20) and (21). On doing so, we obtain the following formulas:
With n* tending to infinity for the plastic brittle deformation with failure, the effective viscosity as a function of stress, according to (23), becomes zero; at the same time, it can be described as a function of the strain rate, according to (24), by a simple analytical function Here, at τ < τ у , the viscosity is assumed to be infi nitely large, because this type of deformation only appears when the stress τ exceeds some limiting (fail ure) stress value τ у , also referred to as the yield strength. The considered brittle deformation with effective vis cosity is called the plastic brittle flow, or the flow with a finite strength.
Since, as the strain rate increases, the viscosity falls according to (25) , this causes the strain rate to further increase. Therefore, the growth of the strain rate and the fall of the viscosity occur in an avalanche manner. However, the viscosity cannot be zero; it has a finite value even for a splintered body. Therefore, the con straint ε < ε mах or η y > η min is introduced in Eq. (25).
The dependence of the strength τ у on depth (lithos tatic pressure) follows the Coulomb-Navier law (Lock ner, 1995; Moresi and Solomatov, 1998) ; however, it cannot exceed some maximal value τ у mах :
where Р = pgz is lithostatic pressure, С 0 is the cohesion coefficient, μ is the friction coefficient, ρ is density, and z is the depth. As shown in (Byerlee, 1978) , the parameters С 0 and μ for the mantle insignificantly depend on the type of the material and are approxi mately equal to С 0 ≈ 10 MPa and μ = 0.7 (Karato, 2008) . In the presence of fluids, the critical stress that marks the onset of failure (the yield strength) signifi cantly decreases (Karato, 2008) :
where Р f is the pore fluid pressure, С 0 ≈ 10 MPa, and μ = 0.7. In (Byerlee, 1978) , the strength as a function of pres sure is presented in the form
The values of the strength parameters according to different authors are presented in Table 5 .
According to the data in (Goetze and Evans, 1979) , Billen and Hirth (2005) describe the strength of the lithosphere τ у as a function of depth h in the depth inter val above 40 km and at temperature below 800°С by the formula τ у = 15h MPa/km + 0.1 MPa bounded by the maximum value τ mах = 600 MPa.
The Map of the Deformation Mechanisms and the Strength Diagram for the Oceanic Lithosphere and the Upper Mantle
The distribution of the effective strength across the entire mantle, which simultaneously takes into account the processes of the high temperature diffusion creep and dislocation creep, as well as the low temperature plasticity and brittle microfailure, according to the additive condition for the strain rates
can be described by a single formula:
with the terms determined according to (9), (10), (12), and (25).
The largest contribution to the deformation is pro vided by the deformation with a lower viscosity. The vis cosity depends on temperature, pressure, and shear stress; therefore, different regions in the Earth's interior are dominated by different viscosity mechanisms. Based on formulas (9), (10), (12), (25), and (30), Fig. 3 qualitatively illustrates how the viscosity mechanisms are altered as the shear stress invariant changes at a fixed temperature and pressure. When stress is low, the defor mations and viscosity are determined by creep; then, at τ р < τ < τ у , the deformations and viscosity are controlled by the Peierls exponential creep; and, finally, when τ > τ у , the governing mechanism is brittle plasticity of fric tional gliding and failure by brittle microfracturing.
The viscosity of the Earth's mantle is a multivariable function: η = η(T, P, τ, d). It varies with depth not only as it depends on the shear stress τ but also because of its dependence on the distribution of temperature and pressure, as well as on the grain size d and the water con tent, which also depend on depth. Since, as tempera ture increases, the strain rate associated with creep increases (while the viscosity decreases), the stresses at large depths are not necessarily high, and the area τ > τ р , which corresponds to the Peierls viscous plasticity and brittle plasticity in Fig. 3 , decreases and may disappear.
In the numerical modeling, when one mechanism of deformation is changed by another, the total viscosity is sometimes constrained by the approximate condition of minimum viscosity instead of condition (30). It is more often applied at the transition from the power law dis location creep (10) to brittle plasticity (25) in the form (Andrews and Billen, 2009) 
Since the mantle is not solely composed of olivine, which is a rather well studied material, only the qualita tive dependences of viscosity on temperature, pressure, and shear are often embedded in the numerical models. The specific quantitative values of the parameters and, particularly, the numerical coefficients contained in the formulas are fitted to ensure the average viscosity of the upper and lower mantle. The idea of how the viscosity η = η(Т, Р, τ, d) varies in the mantle can be gained from the maps reflecting the mechanisms of plastic ductile deformation. The maps illustrating the dependences of the deviatoric stress ten sor invariant τ on temperature T and strain rate ε at a fixed pressure Р = 2 GPa for a grain size d = 1 mm are shown in Fig. 4 . The maps are based on the measure ments for wet and dry olivine (Katayama and Karato, 2008) . The diagrams show the τ-Т fields in which the plastic deformations are dominated by the diffusion creep, dislocation creep, and exponential creep for wet and dry olivine.
These maps allow determining the dependences of stress (and viscosity) on the strain rate ε at a fixed pres sure Р = 2 GPa and temperature Т for plastic ductile deformation. In this example, as the stress τ increases from 0.1 to 1000 MPa and the temperature increases from 800 to 1600 K, the strain rate ε increases from 10 -16 to 10 -4 s -1 . In this case, the viscosity at low stress is initially determined by the diffusion creep, next by the dislocation creep, and further, by the exponential creep. This dependence, including brit tle plasticity, was schematically illustrated in Fig. 3 .
We can trace the temperature dependence of viscous stress at a fixed strain rate and a fixed pressure by mov ing along the curve ε = const in Fig. 4 . For the convec tive strain rates ε of the order of 10 -16 s -1 , the diffusion creep area corresponds to the stress interval up to 1 MPa; the power law dislocation creep area extends to 10 MPa; and above these values, exponential creep occurs. Figure 5 presents the experimental dependences of the shear stress on strain for the rocks under a fixed strain rate ε =10 -5 s -1 for various values of the confining pressure (Kirby, 1980) . As the confining pressure increases, the force of friction and the strength of brittle sliding increase. Simultaneously, the stress required to maintain the given strain rate increases in both the cases of quasi brittle deformation and viscous plasticity (including creep). However, this dependency is stronger for brittle plastic processes. Therefore, at low pressure (below 400 MPa), the rocks behave as brittle material and fail once the yield strength is reached. At high pressure (above 800 MPa, which corresponds to a depth of ~25 km), the rocks start behaving as viscous plastic bodies. Fig. 3 . The schematic dependences between the strain rate, shear stress, and viscosity at fixed temperature and pressure.
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The plastic ductile deformations do not have a threshold and start at any arbitrarily small shear stress, although at a very low rate. Therefore, the notion of strength is conventionally applied to them in the sense of the stress τ(ε 0 ) required to produce the strain rate of a given characteristic value ε 0 . Typically, this strain rate is taken as its probable value for the upper mantle, which is equal to 10 -15 or 10 -14 s -1
.
When studying the rheological properties of the lithosphere, it is also helpful to use the diagram showing the depth dependence of strength. This diagram, referred to as the Yield Strength Envelope (YSE), was introduced in (Goetze and Evans, 1979) . This diagram represents the rheology of the brittle part of the lithos phere as the depth dependence (27) of the yield strength τ у , which is the critical stress at which brittle ductile deformation occurs. Here, in contrast to the case considered above in Fig. 4 , it is taken into account that both temperature and pressure increase with increasing depth.
The YSE based on the results of (Mei et al., 2010 ) is shown in Fig. 6 . The assigned strain rate ε 0 is taken to be 10 -14 s -1 . The temperature in the oceanic lithosphere and in the underlying mantle corresponds to the average geotherm according to (Turcotte and Schubert, 1982) . As mentioned above, the depth interval below 200 km is dominated by linear diffusion creep, i.e., smaller stress is required here to maintain the given strain rate. The deformations in the top portion of the upper mantle in the depth interval h = 200-50 km are associated with the power law dislocation creep. Curve 1 shows the depth dependence of stress τ ds (h, ε 0 = 10 -14 s -1
) in the case of dislocation plasticity according to the data of (Chopra and Paterson, 1984) . Curve 2 depicts the depth dependence of stress τ p (h, ε 0 ) for the exponential Peierls creep mechanism according to the measurements of (Mei et al., 2010) . As seen in Fig. 6 , at a depth below 50 km, a lower stress is required for the given strain rate to develop under the power law dislocation creep (Kirby, 1980) . mechanism, while at a depth of above 50 km, this occurs under the exponential Peierls creep mechanism.
Curve 3 shows how the strength τ у (h) of the plastic brittle oceanic crust increases with increasing depth h due to the growth of the lithostatic pressure, which heighten the static friction by the formula (28), accord ing to the data of (Beyerlee, 1978) . At a depth abovẽ 30 km, plastic brittle processes with frictional sliding and failure develop under a lower stress than ductile plastic processes. The intermediate layer marked gray in Fig. 5 is the brittle-ductile transition zone, BDT, in which the shear stress necessary to maintain the strain rate is maximal.
This zone approximately corresponds to the mecha nism of cataclastic flow τ сt , under which ductile plastic ity associated with frictional sliding along the existing microfractures and formation of new microfractures is changed by multiple formation of the block fragments in the medium and their sliding and rotation. This is accompanied by th simultaneous partial sintering and welding of the blocks under triaxial compression due to the confining pressure from the ambient rocks. The low strain rate cataclasis occurs without the macro scale fracturing of the rocks. The cataclastic deformation reduces the strength of the material. However, the quantitative dependence of the strain rate on stress and other parameters is still poorly studied, and, therefore, the corresponding probable behavior in Fig. 6 is shown by the dashed line.
Under plastic ductility, the deformations are associ ated with subatomic scale processes that involve point defects and linear defects, while the plastic brittle deformations are driven by larger scale processes with fracturing and fragmentation of the medium. The mechanism of a cataclastic deformation can be consid ered as the next stage of the brittle low temperature plasticity that occurs under a higher stress and a stron ger confining pressure. Therefore, this mechanism is called semibrittle plasticity; it is associated with spa tially mesoscale processes. At the same time, a cataclas tic deformation partially involves also finer scale pro cesses, which are characteristic of plastic ductility. Therefore, a cataclastic deformation is sometimes interpreted as plastic ductility, in order to contrast it with the Coulomb-Byerlee brittle plasticity.
In some cases, the high temperature creep is not included in the notion of plastic deformation, and the latter is considered to cover a narrower range of defor mations from low temperature creep to brittle failure, i.e., exponential Peyerls plasticity and cataclastic pro cesses.
As seen in Fig. 6 , the mantle's strength would have been very large and the unbroken (monolithic) litho sphere could not have split into separate plates only under the mechanism of diffusion and dislocation viscosity.
In summary, there is one important point on the rhe ology of the oceanic lithosphere to be noted. The values of the maximum strength τ ct in Fig. 6 , which attain 500-600 MPa, were obtained for the samples under the laboratory conditions. All geological in situ measure ments estimate the maximum strength to be at most 100-200 MPa.
NUMERICAL EXPERIMENTS ON THE CONVECTION IN THE SUBOCEANIC MANTLE (IN THE ABSENCE OF CONTINENTS) WITH VARIOUS RHEOLOGIES
The viscosity of the material can be calculated by the formulas presented above with the known distributions of pressure Р, temperature Т, and viscous stress τ in the mantle. However, the initial distributions of these parameters in the mantle are not known; they are deter mined for the mantle involved in thermal convection, which, in turn, is controlled by viscosity. Therefore, the pattern of the mantle convection and the spatial distri bution of viscosity in the mantle can only be found by numerical modeling. The classical equations of energy, mass, and momentum transfer for a viscous fluid with the given parameters corresponding to the mantle pro vide three differential equations in three unknowns: temperature T(x, y, z, t), flow velocity U i (x, y, z, t) , and dynamic pressure p (x, y, z, t) . These equations, together . The strength diagram for the oceanic lithosphere, which shows the strength for the brittle plasticity and the stress at fixed strain rate for flexible plasticity according to the data (Mei et al., 2010; Chopra and Paterson, 1984; Turcotte and Schubert, 1984; Karato, 2008) . Curve 1 cor responds to the power law dislocation creep; the curve 2, to the Peierls exponential creep; the curve 3, to the brittle plasticity; the dashed line, to the deformation with cata clastic failure. τct are deformations with cataclastic failure; BDT is the brittle ductile transition zone.
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with the dependence of the viscosity on pressure, tem perature, and stress (or the strain rates that depend on the velocities U i ), form a system of four convection equations in four unknown functions, including the unknown distribution of viscosity η (x, y, z, t) . The convection equations are typically solved in dimensionless variables. The following measurement units are used: the thickness h of the Earth's mantle for length; U 0 = κ/h for velocity; t 0 = h 2 /κ for time; Т 0 for temperature; η 0 for viscosity; с р for specific heat; κ for thermal diffusivity; k = κ(ρ 0 С р ) for thermal conductiv ity; q 0 = kT 0 /h for heat flux; р 0 = η 0 κ/h 2 for dynamic pressure and stress; and H 0 = κT 0 /h 2 for thermometric density of the heat sources.
The parameters of the present day Earth have the following values (Schubert et al., 2001) For the dynamic pressure and stress, we have σ 0 = η 0 κ/D 2 =(10 21 Pa s × 1.5 × 10 -6 m 2 /s)/(2.910 6 m) 2 = 180 Pa; for the density of heat sources, κT 0 /D 2 ; and for the hydrostatic pressure Р 0 = ρ 0 gD = 4.6 × 10 3 kg m -3 × 10 m s -2 × 2.910 6 m = 1.310 11 Pa. The equations of thermal convection in an extended Boussinesq approximation, taking into account heating under contraction, have the following form in the dimensionless units :
(34) where τ ij is the deviatoric viscous stress tensor:
η(Т, Р, τ) is viscosity, which is determined according to (3) and assumed to be a given function of tempera ture, pressure, and strain rate invariant, H = Q/ρ 0 c p is the thermometric density of heat sources;
is a dimensionless quantity that characterizes the influence of the compressibility of the mantle material on the convection. For the mantle with the parameters indicated above, Di ~ 0.5.
This set of equations corresponds to the model with out continents and therefore it only allows calculating the flows in the suboceanic mantle. We note that the full system of equations, which, inter alia, take into account the thermal and mechanical interaction of the mantle flows with floating continents, was previously obtained in (Trubitsyn, 2000) . The implications of the floating continents for the convective flows and the regularities in the continental drift were analyzed in (Trubitsyn, 2004; 2005; 2006; .
The convection equations (32)- (35) were numeri cally solved using the CITCOM CU finite element code developed by Moresi (Moresi et al., 1995) , improved by Zhong (Moresi et al., 1996) , and expanded by some additional features and automated graphics by Evseeev (Evseev, 2006; Trubitsyn et al., 2008) . The numerical calculations on a dense grid were conducted on the SKIF MSU supercomputer.
The Viscosity of the Suboceanic Mantle
with the Diffusion Mechanism of Viscosity (Unbroken Lithosphere) In the lower mantle and in a major part of the upper mantle of the Earth (at a depth below 200 km), the vis cous flows are driven by the diffusive high temperature creep mechanism. Therefore, it appears instructive to calculate the model of convection and to determine the structure of viscous flows and the depth distribution of viscosity across the entire mantle had it been dominated by the diffusion creep alone. The dependence of viscos ity on temperature and pressure under diffusion creep has form (9). If we substitute pressure in the form Р = pgh in (9) and denote the common coefficient before the exponent by C df , we obtain the following expression for the viscosity:
As mentioned above, different authors provide dif ferent estimates of the viscosity parameters (Table 1) . Most of the published numerical models use the data presented in (Karato and Wu, 1993) for anhydrous oli vine. The numerical coefficient in formula (37) is typi cally chosen so as to provide the average viscosity of the mantle 〈η df 〉 = 10 21 Pa s. Figure 7 illustrates the viscosity distribution in the mantle under the diffusion creep, calculated according to Eqs. (32)-(37), i.e., established under the convec tion with Ra = 10 7 for various values of the activation parameters. The curve А shows the viscosity distribution under diffusion creep with the activation energy E df = 300 kJ/mol and activation volume V df = 6 cm This is too high value which is neither consistent with the postglacial rebound data nor with the geoid anoma lies. At the same time, so far, there are no data on the laboratory measurements of viscosity for the Р-Т con ditions of the lower mantle composed of perovskite.
Therefore, we suggest that the viscosity parameters probably change at the phase transition of olivine to perovskite at the boundary between the upper and lower mantle. Since the overestimated value of viscosity is mainly due to the large activation volume V df , we should vary and fit this parameter to ensure the feasible value of viscosity in the lower mantle. Curve В in Fig. 7 shows the viscosity distribution calculated by Eqs. (32)- (37) with the same activation energy, although with one fourth the activation volume V df = 1.5 cm 3 /mol and a tenfold stepwise rise in viscosity at a boundary of 660 km. If the diffusion viscosity mechanism dominates the entire mantle, the upper layer of the mantle is highly viscous and it corresponds to the solid (not split into plates) lithosphere.
The depth distribution of viscosity in the mantle can also be derived from the data on the post glacial rebound and the geoid anomalies (Schuber et al., 2001) . Peltier (1998) determined the viscosity distribution across the entire mantle. Later, many works appeared on refining the viscosity distribution in the lower man tle, which is the least studied region of the mantle. The results of one of the latest studies (Stacey and Davis, 2008 ) turned out to be close to the results of Peltier (1998). Estimation of the viscosity in the lower mantle from the condition of correspondence between the measured geoid anomalies and those determined using seismic tomography provides similar results (η ≈ 10 22 Pa s) (Lee et al., 2011) .
The thin stepped line in Fig. 8 shows the viscosity distribution according to (Peltier, 1998 ). The thick line shows the viscosity distribution calculated in our work for the diffusion viscosity mechanism. Here, the activa tion energy for the entire mantle is taken according to (Karato and Wu, 1993 ) Е df = 300 kJ/mol; the activation volume for the upper mantle is adopted from (Karato and Wu, 1993 ) V df = 6.0 cm 3 /mol, and for the lower mantle, it is taken to be V df = 1.2 cm 3 /mol. The coeffi cient С df is 2.3 × 10 6 Pa s for the upper mantle and 10 9 Pa s for the lower mantle.
As seen in Fig. 8 , in the case of the diffusion mechanism with the activation volume V df = 1.2 cm 3 /mol, the distribution of viscosity that appears in the lower mantle once the convection is established is consistent with the postglacial rebound measurements and geoid anomalies.
The question concerning the nature of viscosity in the upper mantle requires further study. Primarily, as indicated in the title of the Section, this work only addresses the viscosity distribution beneath the oceans, since the calculations do not allow for the continents. The viscosity data derived from the postglacial rebound and geoid anomalies are averaged over the entire mantle beneath the oceans and continents. However, the viscosity beneath the continents in the absence of the asthenosphere is far higher. Second, as mentioned above, the diffusion mechanism deter mines the viscosity of the entire lower mantle and only part of the upper mantle down to a depth of 200 km. The shallower layers are dominated by dislo cation viscosity and brittle plasticity. Curve А corresponds to the activation parameters for the entire mantle according to (Karato and Wu, 1993 ) Е df = 300 kJ/mol and V df = 6 cm 3 /mol. The curve B corresponds to the lower mantle with the activation volume V df = 1/5 cm 3 /mol.
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The Viscosity of the Suboceanic Mantle under Diffusion-Dislocation High Temperature Creep (Unbroken Lithosphere)
The viscosity in the case of dislocation creep mech anism (10) can be cast similar to (37) in the following form:
According to the measurements of anhydrous oliv ine (Karato and Wu, 1993) presented in Table 2 , the activation energy is Е = 540 kJ/mol, the activation vol ume is V = 15 cm 3 /mol, and the exponent is n = 3.5. The dashed line in Fig. 9 shows the distribution of viscosity that is established under the convection calcu lated by Eqs. (32)- (35) and the dislocation viscosity (38) with Е = 540 kJ/mol, V = 15 cm 3 /mol, and C ds = 7 × 10 11 Pa s for the upper mantle; and Е = 540 kJ/mol, V = 3.8 cm 3 /mol, and С ds = 7 × 10 15 Pa s for the lower mantle. The solid curve in Fig. 9 corresponds to the solid curve in Fig. 8 for the diffusion creep. As men tioned above, the total deformation is a sum of the dif fusion creep and dislocation creep; i.e., it is determined according to (11) by the condition of additivity for flu idities (the reciprocals of viscosities). This constraint can be roughly formulated as a simple condition of min imal viscosity (31): η df -ds = min(η df , η ds ), which means that the creep mechanism whichever provides the lower viscosity is selected at each depth point.
It can be seen in Fig. 9 that, according to condi tion (39), the total viscosity in the lower mantle and below 200 km in the upper mantle is controlled by the diffusion creep mechanism (the solid line) with lower viscosity, whereas the deformations in the shallower layers above 200 km are dominated by dislocation vis cosity (the dashed line).
The temperature distribution calculated for the cases of diffusion and dislocation creep with the param eters indicated above are shown in Fig. 10 . The system of equations (32)- (35) describes the processes that develop in a heated viscous layer with a difference in temperature of 3500 K and the viscosity dependent on temperature and pressure as described by Eqs. (37) and (38). The solution of this system shows that heating the layer composed of silicate material under the mantle conditions brings about convection with a characteristic temperature distribution with two boundary layers marked by steep temperature gradients and a slow adia batic rise between them.
As seen in Fig. 9 , the average viscosity in the suboce anic mantle at a depth of 200-300 km is by two orders of magnitude lower than that of the entire mantle, and it corresponds to the asthenosphere. This is the result of the different depth profiles of the lithostatic pressure (which almost linearly increases with increasing depth) and temperature established under the convection. At a depth of 200-300 km, the pressure which causes viscos ity to increase is still low, while the temperature which is responsible for the decrease in viscosity attains 1300°С (Karato and Wu, 1993 ) E df = 300 kJ/mol and V df = 6 cm 3 /mol and for the lower mantle, V df = 1.2 cm 3 /mol. The thin stepped curve depicts the lat erally averaged (beneath the continents and oceans) vis cosity of the mantle determined from the measurements of the post glacial rebound (Peltier, 1998) . Here, it is instructive to draw distinctions between the main rheological characteristics of the mantle (the diagrams, the depth dependences of the strength of the mantle material (Fig, 6 ) and the depth dependences of viscosity (Fig. 9) ). The depth distribution of the viscos ity η df -ds in Fig. 9 reproduces its variations through all its dependences on the varying pressure (P = pgh), vary ing temperature T(h) and varying strain rate ε(h), which are established under the convection. However, the depth dependence of the strength τ у in Fig. 6 corre sponds to a certain fixed strain rate ε = ε 0 = 10 -14 s -1 . Since the flow velocities and the strain rates in the asthenosphere of the real mantle are maximal, the min imum in the viscosity η df -ds in Fig. 9 is even better pro nounced as the viscosity depends on the strain rate ε. Under the conditions of the Earth's mantle that convects with the intensity corresponding to the Ray leigh number Ra = 10 7 , the stresses caused by the man tle flows would have been insufficient to split the formed lithosphere, which has a very high viscosity, into sepa rate plates, had its strength been determined by the dif fusion and dislocation mechanism alone. However, if the action of the shear stresses lasts for a long time, not only the viscous flows develop in the hot mantle but also the cold lithospheric layer may be deformed (without macro failures) according to another mechanism, namely, by plastic brittle fric tional sliding along microfractures and formation of new microfractures (failure). As mentioned above, these plastic deformations can also be described in terms of a flow with a nonlinear law for viscosity (25) and (26).
The modeling shows that the calculated structure of the mantle flows is barely sensitive to the depth vari ations of the strength τ у and in the first approximation, it can be taken constant and equal to its average value Therefore, the viscosity in the considered simplified model was specified by the condition of its minimum with automatically changing successive mechanisms of viscosity. The lower mantle and a part of the upper mantle are dominated by the diffusion viscosity; the higher layers of the model are controlled by the dislocation mechanism, which is changed by brittle plasticity with averaged constant strength in the lithosphere. This simplified model corresponds to the viscosity distribution shown in Fig. 6 where the curve of the strength in the entire lithosphere from the sur face to a depth of 50 km, which includes the Peierls mechanism (curve 3), the cataclastic zone (BDT), and the brittle failure (curve 1), is replaced by the average constant strength
Figures 11 and 12 illustrate the calculated convection in the mantle with viscosity η(Р, T, ε) = min(η df -ds , η y ) for two different values of strength of the plastic brittle upper layer of the mantle. The numerical values of the activation energy and activa tion volume were selected taking into account the depth distribution of viscosity according to the data on the geoid (Lee et al., 2011) and postglacial rebound (Peltier, 1998) for the lower and upper mantle.
The calculated viscosity and flow velocities for the convection that develops in the mantle under the dif fusion-dislocation creep and brittle plasticity with strength of 100 MPa and higher are shown in Fig. 11 . The same structure is also observed in the absence of brittle plasticity, where the medium is dom inated by the diffusion-dislocation creep alone, for which the viscosity sharply increases as the cold outer surface of the mantle is approached. In these cases, a solid high strength lithosphere, which does not split into separate plates, is formed in the mantle. As seen in Fig. 11 , the convection in this case occurs beneath the lithosphere with the boundary condition of viscous adhesion with it.
The structure of convection shown in Fig. 11 sug gests the following important conclusion. The unsolved problem concerning the driving forces of the mantle convection (namely, whether it is the submerging litho spheric plates or the upwelling plumes) has disputed for several decades in the literature. As seen in Fig. 11 , in the case of the unbroken lithosphere, the main driving force of the convection is the ascending pulsing mantle flows, which are mushroom shaped and referred to as plumes.
The calculated convection in the mantle with a vis cosity η(Р, T, ε) = min(η df -ds , η y ) and strength = 50 MPa, under which the lithosphere is split into sep arate plates, is shown in Fig. 12 . As seen in the figure, the structure of thermal convection that develops in the case of viscosity dependent on pressure, tempera ture, and the strain rate, at certain values of the param eters, corresponds to the mantle structure beneath the Pacific. Thus, the numerical experiment with the vis cosity obeying the diffusion-dislocation law with brit tle failure (according to the measurements for olivine) τ y 0 shows that in a heated layer without any corrections during the calculations, the convection and highly vis cous lithosphere are formed initially. Then, the mantle flows break the lithosphere into separate plates, which are divided by the ridges and the zones of subduction. The upwelling mantle material solidifies in the ridges and moves away in the form of rigid plates that become incrementally thicker while moving. In the subduction zones, the plate material is deformed under the shear stress in a brittle ductile way, the effective viscosity sharply drops, and the plate bends. As submerging to the mantle, the plate can bend once more at the boundary between the upper and the lower mantle due to the jump in viscosity even in the absence of a jump in density.
In our numerical experiment (Fig. 12) , three ridges, two subduction zones, and six lithospheric plates were formed in a layer 15000 × 3000 km in size. As seen in the figure, the major flows in the mantle are induced by the cold heavy lithospheric plates that submerge into the mantle. Therefore, in the model with the submerging plates, these plates are the main driving force of the convection, in contrast to the case of a solid lithosphere without plates (Fig. 11) , where the convection is mainly driven by hot ascending mantle plumes. We note that in the model considered, as mentioned in the previous works (e.g., (Karato, 2008) ), the weak ened zones of the solid lithosphere and its splitting into separate plates only occur if the lithosphere has a low strength (by an order of magnitude lower than the strength measured in the laboratory experiments for oli vine). This is probably due to the fact that our viscosity model is too simplified and therefore not quite ade quately reproduces the real situation. On the other hand, Korenaga, who analyzes the same problem in (Korenaga, 2007) , suggests another explanation. As, on moving, after having been formed in the mid oceanic ridge, the plate cools and thickens. In the presence of water, the cooling is rather rapid, and the emerging thermoelastic stresses are sufficient for the formation of vertical fractures in the oceanic lithosphere which have a depth of about 10 km and substantially decrease the strength τ у of the entire plastic brittle portion of the lithosphere.
For comparison, Fig. 13 presents the typical results of a modeling of the mantle convection that is similar to the one described in the literature, according to (O'Neill et al., 2008) . The results shown in Fig. 13 and the results of the present work (Fig. 12) generally agree with each other. The results of the present work shown in Fig. 12 provide more details on the structure of the flows; they reproduce the entire mantle rather than its upper portion only, and are closer to the structure of the mantle beneath the Pacific.
The dependence of the mantle viscosity on pressure, temperature, and the strain rate, which was used in the modeling, has the following analytical final form (see Fig. 9 ):
The total effective viscosity of the entire mantle, including the plastic brittle lithosphere, is comple mented by the relationship η(Р, T, ε) = min(η df -ds , η y ).
The expressions for η df , η ds , and η у contained in these formulas were considered above and are summa rized below. The diffusion viscosity is and the dislocation viscosity is
where the exponent is n = 3.5.
For the brittle plasticity,
where, as mentioned above, the average effective strength of the lithosphere is . The structures shown Our numerical experiment shows that in a heated layer of the material with the viscosity dependent on pressure and temperature as indicated above and the strain rate typical of the mantle, convection with rigid plates develops. In the real mantle, the main event of the convection is complicated by many secondary pro cesses. Therefore, we leave it up to the reader to decide to what extent the presented results of our numerical experiment may serve as an argument substantiating the plate tectonics of the Earth.
CONCLUSIONS
The model considered in this paper only applies to the tectonics of the oceanic lithospheric plates, as it does not consider the floating continents.
The problem of experimental validation of the the ory of lithospheric plate tectonics has been raised since the time of discovery of the mantle convection and plate tectonics forty years ago. To carry out the necessary experiment in the laboratory conditions is impossible because there is no suitable material that corresponds to the viscosity of the mantle that varies by many orders of magnitude and changes its sign, ranging from creep to brittle plasticity. However, during the past two decades, the methods of numerical experiments have been devel oped, which are based on solving the classical equations for the transfer of energy, mass, and momentum in a heated viscous fluid with an arbitrary law of viscosity and use of verified numerical schemes.
During the last thirty years, the main rheological properties of the rocks under the diffusion and disloca tion mechanisms of viscosity and a mechanism of brittle plasticity have been theoretically predicted and experi mentally established. It turned out possible to derive the analytical dependence of the effective viscosity on the strain rate even for the brittle plasticity (however, for very slow processes, as slow as those in the mantle).
The works on the numerical modeling of the mantle convection with a plastic ductile lithosphere, which appeared during the last decade, demonstrated the development of the bands characterized by sharply decreased viscosity in the lithosphere and formation of the subduction zones. However, despite the fact that the convection in the Earth involves the entire mantle, these simulations, instead of considering the entire mantle, only described the upper mantle with artificial boundary conditions on its lower boundary.
Simultaneously, many works were published on modeling the local processes in the subduction zones. However, in these studies, the lithospheric plates were not formed as a result of the solution but, instead, the parameters of the plates and their velocities were given in the initial and boundary conditions.
In contrast to the published papers, in the present study we calculated the entirely self consistent model with very general initial conditions. Our model is a layer at rest, which has rheological properties similar to those measured for olivine and is heated from below. As men tioned above, the problem was numerically solved using the well known SITCOM program. The solution of the convection equations in the layer of the material with a given law of viscosity shows that the self organization of the material results in the development of thermal con vection in the layer; and the convective flows induce the shear stresses that split the lithosphere into a set of sep arate plates. This process leads to the formation of the structures on the surface which correspond to the struc tures of the Pacific Ocean. These structures include the midocean ridge and the subduction zones. The lithos pheric plates thicken while moving away from the mid ocean ridge and submerge into the mantle in the sub duction zones, bending at the boundary between the upper and the lower lithosphere.
Our model promotes the solution of a number of important problems in global geodynamics.
(1) The numerical model, in fact, experimentally validates the theory of plate tectonics.
(2) The model reveals the structure of the mantle flows in the upper and lower mantle, thus elucidating the old problem: whether the convection involves the entire mantle or occurs separately in its lower and upper parts. It is shown that the flows circulate within the entire mantle but are largely concentrated and more intense in the upper mantle.
(3) It follows from our model that in the case of a solid and very high strength lithosphere, the convection is mainly driven by the hot plumes welling up from the bottom of the mantle. If the lithosphere is split into plates that submerge in the mantle, the structure of the mantle flows and, therefore, the formation of the geochemical reservoirs with the increased concentra tions of various chemical elements are dominated by these plates.
